Sr, d
Sr, d
13 C) are used to reconstruct changes in volcanic/tectonic activity and organic carbon burial over the Phanerozoic. Seawater pH is calculated assuming saturation with respect to calcite and considering the changing concentration of dissolved Ca documented by brine inclusion data. The depth of calcite saturation is allowed to vary through time and the effects of changing temperature and pressure on the stability constants of the carbonate system are considered. Surface temperatures are calculated using the GEOCARB III approach considering also the changing flux of galactic cosmic radiation (GCR). It is assumed that GCR cools the surface of the Earth via enhanced cloud formation at low altitudes. The d 18 O of marine carbonates is calculated considering the changing isotopic composition of seawater, the prevailing surface temperatures and seawater pH. Repeated model runs showed that the trends observed in the marine d
18 O record can only be reproduced by the model if GCR is allowed to have a strong effect on surface temperature. The climate evolution predicted by the model is consistent with the geological record. Warm periods (Cambrian, Devonian, Triassic, Cretaceous) are characterized by low GCR levels. Cold periods during the late Carboniferous to early Permian and the late Cenozoic are marked by high GCR fluxes and low pCO 2 values. The major glaciations occurring during these periods are the result of carbon cycling processes causing a draw-down of atmospheric CO 2 and a coevally prevailing dense cloud cover at low-altitudes induced by strong GCR fluxes. The two moderately cool periods during the OrdovicianSilurian and Jurassic -early Cretaceous are characterized by both high pCO 2 and GCR levels so that greenhouse warming compensated for the cooling effect of low-altitude clouds. The very high Jurassic d
18 O values observed in the geological record are caused by low pH values in surface waters rather than cold surface conditions.
Introduction
[2] Proxy data [Royer et al., 2001] and box modeling [Berner and Kothavala, 2001] demonstrate that the atmospheric partial pressure of CO 2 (pCO 2 ) has oscillated over the Phanerozoic due to changing rates of mantle degassing, weathering, organic carbon burial and carbonate turnover [Berner, 1991b; Berner, 1994; Berner and Kothavala, 2001; Hansen and Wallmann, 2003; Wallmann, 2001a] . The simulated changes in pCO 2 correspond roughly to paleoclimatic reconstructions [Crowley and Berner, 2001] supporting the view that Phanerozoic climate change has been driven mainly by changes in atmospheric pCO 2 . A different picture emerges from the evaluation of d 18 O values in marine carbonate fossils [Veizer et al., 1997 [Veizer et al., , 1999 [Veizer et al., , 2000 . These data show regular oscillations with a shorter period indicating changes in surface temperatures at low latitudes that are consistent with some paleoclimatic reconstructions [Frakes et al., 1992; Boucot and Gray, 2001] but not with surface temperatures derived from pCO 2 modeling [Crowley and Berner, 2001; Veizer et al., 2000] . This difference may be regarded as evidence for the decoupling of pCO 2 and climate evolution [Veizer et al., 2000] . The latter view is supported by recent modeling of galactic cosmic radiation (GCR) over the last billion years [Shaviv, 2002a] . These new data show a surprisingly strong correlation with d
18
O-based temperature reconstructions [Shaviv and Veizer, 2003] suggesting that climate change has been driven mainly by cosmic radiation. Nevertheless, temperatures calculated from the marine d
18 O record are met with skepticism because the extremely low Jurassic surface temperatures derived from this proxy are not consistent with other observations [Crowley and Berner, 2001] .
[3] GCR fluxes are believed to affect climate change on short timescales, as well, because the intensity of galactic radiation reaching the Earth is strongly modulated by rapid changes in the sun's activity. The effect of solar activity on GCR fluxes has been clearly documented through the strong correlation observed between the temporal variability of GCR -measured at the Earth surface in ionization chambers since 1934 -and the sunspot number [Marsh and Svensmark, 2000a] . GCR is the dominant source of atmospheric ionization at altitudes of 0 -35 km and in the troposphere ionization may contribute to the formation of cloud condensation nuclei [Marsh and Svensmark, 2000b] . Thus it seems to be possible that the cloud properties may be altered by GCR. Satellite observations revealed indeed a correlation between global cloud cover and GCR flux over the last two decades of the 20th century [Svensmark, 1998; Svensmark and Friis-Christensen, 1997] . The correlation is especially strong for clouds at low altitudes (<3 km) whereas cloud formation at higher altitudes is not well correlated with GCR fluxes [Marsh and Svensmark, 2000b] . Clouds affect the global climate in various ways. The net radiative impact of a particular cloud is mainly dependent upon its height above the surface and its optical thickness. Low and optically thick clouds tend to cool and it is this kind of cloudiness which is well correlated with GCR fluxes [Marsh and Svensmark, 2000b] . Thus its seems to be possible that global surface temperatures are reduced during periods of enhanced GCR. Average northern hemisphere temperatures show indeed a good correlation with inverted GCR fluxes over the period of 1935 till 1985 confirming the postulated GCRclimate link [Svensmark, 1998 ]. Holocene climate change seems to be affected by GCR on centennial and millennial scales, as well, because the production rate of cosmogenic isotopes ( 14 C, 10 Be) shows a very good correlation with proxy data from various climate archives [Bond et al., 2001; Neff et al., 2001; Hu et al., 2003; Niggemann et al., 2003] . The observed climate effects may be due to GCR-induced cloud formation or could be caused by changes in solar luminosity [Bond et al., 2001] . The role of GCR in cloud formation is not fully understood and coeval changes in total solar irradiance are too small to affect surface temperatures significantly [Foukal, 2002] . Hence the physical mechanisms causing the well-documented correlation between solar activity and climate remain enigmatic and have to be resolved in future studies.
[4] The pH of seawater plays an important role in the controversial debate on paleoclimate. It is strongly affected by changes in pCO 2 and it has a significant impact on the d
18 O values of marine carbonates [Spero et al., 1997; Usdowski and Hoefs, 1993; Zeebe and Wolf-Gladrow, 2001; Zeebe, 1999 Zeebe, , 2001 ] which has not been considered in the calculation of d
18 O-based temperatures. Moreover, the pH of seawater depends on the concentrations of dissolved inorganic carbon and carbonate alkalinity which are in turn affected by the concentration of dissolved calcium ions and the saturation state of the ocean with respect to calcite. Thus secular trends of seawater pH also mirror changes in bulk ocean chemistry through time.
[5] In the following, I present a new box model of the global carbon cycle and Phanerozoic climate evolution which considers the impact of GCR on surface temperature and pCO 2 . New Phanerozoic records of temperature, seawater pH, and pCO 2 change are produced which show very high pCO 2 values but moderate surface temperatures for the Jurassic and Ordovician. It is demonstrated that enhanced pCO 2 compensates for the cooling via enhanced GCR fluxes during these periods. The marine d
18 O record is shown to reflect both changes in surface temperature and seawater pH. The low pH of Jurassic seawater is responsible for the high d
O values observed in carbonate fossils which have been previously mistaken as indication for severe cooling.
Set-Up of the Box Model
[6] The box model has been designed combining elements of the GEOCARB III model [Berner and Kothavala, 2001 ] with other flux parameterizations defining the turnover of water [Wallmann, 2001b] carbon and Sr [Hansen and Wallmann, 2003; Wallmann, 2001a] .
Carbon and Sr Cycling
[7] The model considers mantle degassing, continental weathering, alteration of oceanic crust, turnover of organic carbon, and recycling of carbon at subduction zones. In the following, I briefly present the major changes of the model with respect to previous approaches [Berner and Kothavala, 2001; Hansen and Wallmann, 2003; Wallmann, 2001a] . Complete lists of all fluxes, parameter values, and reservoirs are given in the Appendix (Tables A1-A5) .
[8] Rates of volcanic and tectonic activity (f VO ) are no longer reconstructed from eustatic sea level changes [Berner and Kothavala, 2001] Sr record [Veizer et al., 1999] . Global sea level is affected by many different factors, such as the formation of large continental ice shields, seafloor spreading rates and the emplacement of oceanic flood basalts, mountainbuilding and sedimentation, making sea level change a rather poor proxy for changes in spreading and volcanic activity. On the other hand, the 87 Sr/ 86 Sr ratio in seawater clearly reflects the input of isotopically depleted Sr from hydrothermal systems at spreading centers and the weathering of young volcanic deposits (Figure 1a) . The rates of tectonic and volcanic activity (f VO ) are thus calculated as: [Veizer et al., 1999] , respectively, and k V is a kinetic constant. With this parameterization the f VO variable is dynamically adjusted so that the calculated isotopic ratio is always close to the secular trend documented in the marine carbonate record. The kinetic constant is set to a large value (10 5 ) guaranteeing a very small deviation (< 1%) between measured and modeled isotope ratios for all model runs.
[9] Recently improved estimates of the CO 2 contents in the upper mantle indicate rather low rates of CO 2 degassing at mid-ocean ridge spreading centers (0.9 ± 0.3 Â 10 +18 mol Myr À1 [Saal et al., 2002] ). Thus the total rate of mantle-CO 2 degassing at spreading centers, subduction zones, and intraplate volcanoes was reduced to 1.5 Â 10 +18 mol Myr À1 .
[10] Dissolved Sr concentrations and 87 Sr/ 86 Sr ratios in seawater are calculated considering the inputs of Sr and 87 Sr into the ocean from carbonate and silicate weathering and the corresponding hydrothermal fluxes (Table A1) . A new and better estimate for the modern hydrothermal Sr flux (3.1 ± 0.8 Â 10 15 mol Sr Myr À1 [Davis et al., 2003] ) is applied in the modeling. The removal flux of Sr from the ocean is calculated as:
where Sr MOD , Ca DAT , and (Sr/Ca) DAT are concentrations and concentration ratios in seawater calculated in the model (MOD) and recorded in marine carbonates and brine inclusions (DAT) and k BSr is a kinetic constant. F B Sr gives the removal of Sr from seawater via carbonate accumulation, alteration of oceanic crust, inverse weathering, and other processes such as the alteration of sedimentary volcanic ashes. The magnitude of important Sr removal fluxes is virtually unknown both for modern and ancient oceans. Thus the rather well documented changes in seawater Sr/Ca ratios [Lear et al., 2003; Steuber and Veizer, 2002] are used to constrain the overall removal flux (Figure 1c ). Seawater Ca concentrations used in the calculation of Sr/Ca ratios are not determined in the model but are taken from a recent reconstruction [Horita et al., 2002] based on brine inclusion data (Figure 1d ).
[11] The rates of physical erosion (f ER ) are redefined using Ronov's data on the accumulation rate of terrigenous deposits over the Phanerozoic [Ronov, 1993] as listed in Berner and Kothavala [2001] . The original deposition rates prior to post-depositional erosion and metamorphism of sedimentary rocks are calculated from Ronov's data applying a first order decay constant of 3 Â 10 À3 Myr À1 [Gregor, 1985; Tardy et al., 1989 ]. Subsequently, they are normalized to the Quaternary value to obtain the nondimensional f ER variable (Figure 2a) . Erosion rates are considered in the calculation of carbonate weathering because recent weathering studies demonstrate that mountain-building and physical erosion have a very Sr ratio of seawater as recorded in marine carbonates [Veizer et al., 1999] . (b) Change in the d 13 C value of inorganic carbon dissolved in seawater as recorded in marine carbonates [Veizer et al., 1999] . (c) Change in the Sr/Ca ratio of seawater derived from marine carbonate data [Lear et al., 2000; Steuber and Veizer, 2002] . (d) Change in the dissolved Ca concentration derived from brine inclusions in evaporite minerals [Horita et al., 2002] Figures 1a -1c within a tolerance of 1% using equations (1), (2), and (4). Ca concentrations are not calculated in the model but are taken directly from the proxy record (Figure 1d ). strong effect not only on silicate but also on carbonate weathering rates [Jacobson et al., 2002 [Jacobson et al., , 2003 . The other nondimensional variables applied in the model are shown in Figures 2b-2f . They are mainly taken from the GEOCARB III model considering new estimates of ice-free land area and continental runoff over the last 250 Myr [Gibbs et al., 1999] .
[12] Uptake of dissolved inorganic carbon during alteration of oceanic crust (F ALT ) is taken to be [Berner and Kothavala, 2001; Ronov, 1993] applying a decay constant of 3 Â 10 À3 Myr À1 [Gregor, 1985] . (b) Change in the efficiency of chemical weathering due to the spread of land plants and angiosperms [Berner and Kothavala, 2001] . (c) Change in land area exposed to weathering and precipitation [Gibbs et al., 1999; Otto-Bliesner, 1995] . (d) Change in carbonate rock area exposed to weathering [Bluth and Kump, 1991; Gibbs et al., 1999] . (e) Change in runoff due to paleogeographic evolution and changing continentality [Gibbs et al., 1999; Otto-Bliesner, 1995] . (f) Change in the fraction of sedimentary carbonate accumulating on continental crust rather than oceanic crust [Hay, 1998] . All rates are normalized to their Quaternary values to obtain nondimensional functions [Berner et al., 1983] .
inversely proportional to the amount of pelagic carbonate sediments deposited on oceanic crust (CO):
where CO(Q) and F ALT (Q) are the corresponding Quaternary values, r ALT is the fraction of authigenic CaCO 3 formation occurring close to spreading centers [Wallmann, 2001a] , and f VO is the rate of volcanic/tectonic activity derived from 87 Sr/ 86 Sr modeling. The rationale for this parameterization lies in the observation that the modern rates of lowtemperature ridge flank circulation and authigenic CaCO 3 precipitation are limited by the development of a thick sedimentary cover [Fisher and Becker, 2000] composed mainly of pelagic carbonates [Archer, 1996] .
[13] The burial rate of particulate organic carbon (F BO ) in sediments is calculated from the marine d 13 C record ( Figure 1b ):
where k BO is a kinetic constant, d
13
C DAT is the d 13 C value of dissolved inorganic carbon in seawater derived from marine carbonate data [Veizer et al., 1999] and d
C MOD is the corresponding value calculated in the model. The marine d
13 C values were calculated as outlined in Wallmann [2001a] considering all major carbon fluxes and the changing isotopic fractionation (a POC ) between marine particulate organic carbon (POC) and marine carbonates [Hayes et al., 1999] . The isotopic composition of CO 2 released via POC weathering is allowed to change through time following the secular evolution of d
13 C values of marine POC [Hayes et al., 1999] .
Calculation of Surface Temperatures
[14] The average global surface temperature T S is calculated using an enhanced GEOCARB III formulation which takes into account the effect of cosmic radiation (Figure 3) :
where G gives the relation between temperature and RCO 2 , RCO 2 is the atmospheric partial pressure of CO 2 normalized to the Quaternary value (230 matm), W S defines the impact of increasing solar luminosity on surface temperature [Berner and Kothavala, 2001] , GEOG describes the effect of paleogeography on albedo and surface temperature [Berner and Kothavala, 2001; Otto-Bliesner, 1995] , D GCR gives the effect of the galactic cosmic radiation flux on surface temperature, f GCR is the changing flux of galactic cosmic radiation (Figure 3 ) [Shaviv and Veizer, 2003] and T(Q) is the average Quaternary surface temperature (13.5°C) [Wallmann, 2001a] . W S has a constant value of 7.4°C whereas G is high for cold periods and low for warmer periods (Figure 4b ) due to the effects of large continental ice shields on albedo and surface temperature [Kothavala et al., 1999 [Kothavala et al., , 2000a [Kothavala et al., , 2000b .
[15] The intensity of GCR does not only change on long geological timescales but also on much shorter periods because solar activity through the solar wind strongly reduces the GCR flux that reaches the Earth. Therefore the relation between GCR intensity and surface temperature can be derived from field measurements. The D cos value used in the standard case is based on data measured at the University of Chicago Neutron Monitor Stations in Hawaii and Peru at altitudes of $3 km where the relative change in both GCR intensity and low-altitude cloud cover was 6-7% over the period of 1982 of -1987 of [Shaviv, 2002b . Applying a linear relation between cloud cover and GCR and using model-based estimates for the impact Figure 3 . Change in the relative intensity of galactic cosmic radiation received by our solar system over the Phanerozoic [Shaviv, 2002a; Shaviv and Veizer, 2003] . [Archer, 1996] . In the North Pacific the saturation is reached at a much shallower depth level (%750 m) than in the North Atlantic (%4300 m) because the old Pacific intermediate and deep water masses contain abundant CO 2 derived from organic matter degradation [Millero, 1996] . The carbonate ion concentration at depth L is calculated from CA and TC using the following equation:
where the first and second dissociation constants of carbonic acid (K 1 and K 2 ) depend on temperature, pressure and salinity [Zeebe and Wolf-Gladrow, 2001 ]. The temperature prevailing at the saturation level (T L ) is related to the surface temperature (T S ) calculated in the model (equation (5)) as:
The temperature difference DT is close to 10°C in the modern ocean because deep water masses forming at high latitudes have low temperatures. During greenhouse periods, the temperatures at high latitudes are strongly enhanced so that deep water masses are much warmer and DT is reduced to smaller values [Barron et al., 1995] . Therefore DT is treated as a time dependent variable with larger values during major glaciations and small values during greenhouse periods ( Figure 4c ). Sediment data clearly show that the saturation level was shifted to shallow water depths during the warm Cretaceous [Van Andel, 1975] . Thus it is assumed that L and the corresponding pressure show a regular variation over Phanerozoic climate cycles ( Figure 4d ). The salinity of seawater is assumed to remain at a constant level of 35 throughout the Phanerozoic because brine inclusion data [Horita et al., 2002] suggest only insignificant changes in major ion concentrations (Na + , Cl À ). By this way, the stability constants K 1 and K 2 are calculated as model variables considering the changing temperature and pressure conditions prevailing at depth L.
[18] The resulting carbonate ion concentrations (equation (6)) are used to constrain the rate of carbonate accumulation at the seafloor:
where Ca concentrations (Ca) are taken from brine inclusion data ( Figure 1d ) and the solubility product of calcite K SP is again calculated as a function of temperature and pressure prevailing at depth L. The kinetic constant k BC is set to a large value so that seawater is always maintained close to equilibrium with respect to calcite at depth L. The carbonate burial flux F BC acts as a major sink for TC and CA (Table A5 ). Thus concentrations of dissolved carbonate species in the ocean are stabilized by a strong negative feedback.
[19] The partial pressure of CO 2 in surface waters (pCO 2 SW ) is calculated as:
where the total dissolved carbon concentrations and the carbonate alkalinity prevailing at the surface (CA S , TC S ) are related to the corresponding values in the bulk ocean as:
The concentration difference DC is due to the fixation of dissolved inorganic carbon in organic matter and biogenic carbonate by plankton and the export of biogenic particles into the interior of the ocean (the biological pump). This difference amounts to approximately 150 mM in the North Atlantic and 250 mM in the North Pacific [Millero, 1996] with an global average of approximately 200 mM. The corresponding difference in CA is about one order of magnitude smaller because the export flux of CaCO 3 from the euphotic zone is much smaller than the POC flux. The stability constants K 1 , K 2 and K 0 (Henry constant) are again calculated as model variables considering the changing surface temperature (equation (5)), a pressure of 1 bar and a salinity of 35.
[20] The resulting pCO 2 SW values (equation (9)) are than used to determine the CO 2 exchange flux between surface ocean and atmosphere:
where pCO 2 SW and pCO 2 ATM are the partial pressures of CO 2 in the surface ocean and in the atmosphere, respectively, and k EX is a kinetic constant. The difference in pCO 2 is due to the slow rate of gas exchange between surface waters and atmosphere. In today's ocean, the pCO 2 of surface waters is lower than the atmospheric value due to the anthropogenic increase in atmospheric CO 2 content [Millero, 1996] . The modern ocean thus serves as a sink for anthropogenic carbon. Before the onset of industrialization, the oceanic pCO 2 values were somewhat larger than the atmospheric pCO 2 value (280 matm) and oceanic CO 2 degassed into the atmosphere [Mackenzie et al., 2002] . The average DpCO 2 of the pre-industrial ocean was small (<10 matm; Maier-Reimer, 1993) when compared to the huge changes in atmospheric pCO 2 over the Phanerozoic (up to 5000 matm [Berner and Kothavala, 2001; Royer et al., 2001] ). Thus a large value is assigned to the kinetic constant k EX so that pCO 2 in the atmosphere is always close to the surface water value. The solubility of CO 2 in seawater (K 0 ) is diminished at high temperatures so that a larger fraction of total CO 2 resides in the atmosphere under greenhouse conditions. A positive feedback is established because surface temperature depends on the prevailing pCO 2 ATM level which is in turn controlled by the temperature-dependent air-sea exchange (Table A5 ). However, this feedback has only a small effect on the long-term evolution of temperature and pCO 2 because the total amount of CO 2 in oceans and atmosphere is regulated mainly by weathering and degassing processes.
[21] The pH of surface water (pH s ) is finally calculated from TC s and CA s as:
considering again the changing surface temperatures and the temperature dependence of the stability constants.
Water Cycling
[22] The model considers mantle degassing, continental weathering, alteration of oceanic crust at high and low temperatures, serpentinization of mantle rocks, formation and melting of continental ice shields, and recycling of water at subduction zones. In the following, I briefly present the major changes of the model with respect to the previous approach [Wallmann, 2001b] . Complete lists of all fluxes, parameter values, and reservoirs considered in the simulation of the geological water cycle are given in the Appendix (Tables A3-A5 ).
[23] In the new coupled model of carbon and water cycling, many water fluxes are linked to the corresponding carbon fluxes. Thus the fixation of water in clay minerals (F WSH ) is related to the rate of silicate weathering (F WS ) as:
where r WS is the ratio of H 2 O to CO 2 turnover during silicate weathering. Before the onset of large scale agriculture and anthropogenic erosion, water was fixed in clay minerals at a rate of %7 Â 10 +18 mol H 2 O Ma À1 [Wallmann, 2001b] while CO 2 was consumed at a rate of %7 Â 10 +18 mol CO 2 Ma À1 [Hansen and Wallmann, 2003 ] so that the ratio r WS is unity.
[24] Serpentinization was considered as an additional water uptake flux because recent work shows that mantle rocks are commonly exposed and serpentinized at slow-spreading ridges [Schmidt and Poli, 1998 ]. In contrast to the alteration of oceanic crust, the rate of water fixation during serpentinization (F SER ) is not proportional to the prevailing spreading rate, because slow spreading seems to favor the exposure of mantle rocks [Charlou et al., 2002] . Thus F SER is constant through time and equal to the current rate (F SER (Q)) which amounts to approximately 20 Â 10 +18 mol H 2 O Ma À1 [Wallmann, 2001b] :
Large continental ice shields were formed during the late Permian to early Carboniferous glaciation and during the late Cenozoic. During these periods approximately 3-5% of the oceanic water masses were locked in continental ice. Gauss functions were used to prescribe the rates of freezing (F FR ) and melting (F MEL ) during these two major glaciations:
where the amplitude A and the width w were set to values of 122 Â 10 +18 mol Ma À1 and 25 Ma, respectively. With this approach maximum ice masses of 3 Â 10 +21 mol H 2 O were produced corresponding to %4% of the current oceanic water mass (1.37 Â 10 +24 g = 76.1 Â 10 +21 mol H 2 O [Broecker and Peng, 1982] [26] The parameterization of isotopic exchange processes between seawater and oceanic crust was improved to maintain isotopic equilibrium between seawater and alteration products of oceanic crust. The isotopic exchange processes during alteration of the upper volcanic section at low temperatures (F EX UP ) and of the deeper sections at high temperatures (F EX DEEP ) are formulated as:
where F BAS is the mole fraction of 18 O in fresh oceanic crust, F ALT and F SP are rates of carbonate and water uptake during alteration of upper and lower oceanic crust, respectively, r ALTO is the ratio between O turnover and CaCO 3 uptake in upper crust and r SPO gives the ratio between O turnover and water uptake in deep crust. The mole fractions of 18 O in instantaneous products of alteration at low and high temperatures are given by:
Here, a ALT (1.015) and a SP (1.000) define the isotopic fractionation between seawater and alteration products at low and high temperatures, respectively. At high temperatures, the fractionation is strongly suppressed so that alteration products in deep crust attain the isotopic composition of seawater (F SW ).
Calculating the D

O Values of Marine Carbonate
[27] The vast d
18
O data set published by Veizer et al. [1999] is used in the evaluation of marine d
18 O values. This data set is based on the analysis of well-preserved brachiopods and belemnites which were carefully selected to exclude diagenetically altered samples. The isotopic composition of these samples is mainly controlled by seawater d
O, temperature, and seawater pH.
[28] The isotopic fractionation factor between calcite and water (a c-w ) defines the ratio of the isotope ratios in CaCO 3 and H 2 O:
It depends on temperature [Kim and O'Neil, 1997] as:
where T is temperature in°K.
[29] Moreover, the isotopic composition of carbonates is affected by the pH of ambient seawater. According to Usdowski and Hoefs [1993] and Zeebe [1999] , the d 18 O of the precipitated carbonate reflects the isotopic composition of the quantity S which is defined as the sum of the carbonate anion, bicarbonate anion, and carbonic acid concentrations:
In other words, carbonate minerals are not only formed from carbonate anions but also from all other inorganic carbon species carrying the CO 3 group. Unfortunately, the isotopic fractionation factors between these three species and water are only known for a single temperature (19°C). Thus the impact of pH on the d
O of S and CaCO 3 can only be calculated for this temperature [Zeebe and Wolf-Gladrow, 2001] . Considering these data and their limitations, Zeebe [2001] proposed that the effect of seawater pH on the d
O values of marine carbonates can be estimated as:
where 
Standard Case
[32] The change in volcanic/tectonic activity (f VO ) was determined applying a new kinetic approach (equations (1) and (2) Sr trends observed in marine carbonates (Figure 1 ). In contrast to many previously applied isotopic mass balances, the new kinetic approach does not rely on questionable steady state assumptions. The kinetic equations (equations (1), (2) and (4)) are valid independent of the model formulation and the choice of input and output fluxes. They are very flexible tools which can be applied in any kind of model whereas conventional (isotopic) mass balances have to be reformulated for each specific set of fluxes.
[33] The resulting values ( Figure 5 ) bear rather little resemblance with the eustatic sea level curve confirming that sea level change is not a valid proxy for changes in volcanic and tectonic activity. Some f VO maxima coincide with maxima in sea level whereas others occur during periods of superplume activity [Abbott and Isley, 2002] . Thus maxima at 460 Myr and 100 Myr are accompanied by very high sea level stands whereas the maximum at 250 Myr coincides with the emplacement of the Siberian traps. Considering that ancient oceanic flood basalts and periods of enhanced spreading are not fully documented in the geolog- Sr record ( Figure 5 ) are arguably more valid than previously used proxies.
[34] In the standard case, the amount of liquid water in the oceans decreases steadily over time (Figure 6a ) because the subduction of water into the mantle proceeds at a higher rate than the degassing of the mantle [Wallmann, 2001b] . Moreover, the seawater mass is diminished during major icehouse periods due to the formation of massive continental ice shields. Starting with the strongly negative d
18
O suggested by the marine carbonate record, seawater d
O values increase continuously toward the modern value (Figure 6b ). The rate of increase is lower in the standard case than in previous model simulations [Wallmann, 2001b] because the rate of upper crust alteration at low temperature now depends on the amount of pelagic carbonate sediments deposited at the seafloor. As pelagic carbonates have been formed only since the beginning of the Mesozoic, Paleozoic ridge flanks were covered with a much thinner sedimentary apron allowing for a more intense hydrothermal circulation and higher rates of low-temperature alteration of upper oceanic crust. The effect of a missing sediment cover on upper crustal d
18 O values can be seen at ODP hole 417A situated on a basement hill. Here, outcropping crustal rocks were fully exposed to seawater for $20 Myr and the average d 18 O value of the upper 100 m of the crustal section was enhanced to $+25% (SMOW) due to pervasive fluid flow and alteration [Alt, 2003] . In contrast, ridge flanks covered with carbonate sediments attain a much lower d
18 O (typically +8-+10% [Alt, 2003] ) because fluid flow and alteration are suppressed by the impermeable sedimentary apron. Thus it seems to be possible that the very low d
O values of Paleozoic and Precambrian carbonates [Shields and Veizer, 2002] reflect strong isotopic depletion of ambient seawater caused by intense low temperature alteration of exposed ridge flanks.
[35] The pCO 2 values calculated in the standard case (Figure 7a ) differ strongly from previous model results [Berner and Kothavala, 2001; Hansen and Wallmann, 2003; Wallmann, 2001a] . This deviation is mainly due to the impact of galactic cosmic radiation (GCR) on surface temperature which is considered in the new model for the first time. Thus strong maxima in pCO 2 2003GC000683 occur during periods of high GCR (Figure 3 ) because the presumed cooling effect of GCR induces a decrease in silicate weathering rates and thus an increase in pCO 2 . The negative feedback between surface temperature, silicate weathering rate and pCO 2 is believed to be responsible for the long-term stability of global climate [Walker et al., 1981] and acts here to compensate for the cooling induced by GCR.
Geochemistry Geophysics
[36] Concentrations of total dissolved inorganic carbon ( Figure 7b ) correlate with the pCO 2 trends (Figure 7a ) and are also modulated by the prescribed dissolved Ca concentrations (Figure 1d ). Surface concentrations are always lower than the bulk ocean concentrations due to the prescribed concentration gradients (equation (10)). Seawater pH values reflect the evolution of atmospheric pCO 2 and dissolved inorganic carbon concentrations. They are low during periods of enhanced pCO 2 and high during major icehouse periods. The pH contrast between surface water and deep water changes in time due to the varying depth of the calcite saturation level (Figure 4d ).
[37] Surface temperatures predicted by the model are in general agreement with the trends observed in independent paleoclimatic reconstructions [Crowley and Berner, 2001; Frakes et al., 1992] . Thus they show cool icehouse conditions for the late Cenozoic and the late Permian -early Carbonaceous glaciations (Figure 8a ). Temperatures decrease during phases of high GCR but the amplitudes of temperature change are heavily affected by the carbon cycle. Thus the cooling during the mid-Mesozoic is rather modest because high rates of volcanic/tectonic activity allow for a builtup of high pCO 2 values compensating effectively for the cooling through GCR-induced cloud formation. In contrast, the effects of GCR are further enhanced by carbon cycling processes during the late Permian -early Carbonaceous glaciation because pCO 2 values are diminished by enhanced organic carbon burial and plant-induced weathering processes [Berner, 1997] .
[38] The marine d 18 O values follow the trends observed in the geological record [Veizer et al., 1999] and show a very strong correlation with the GCR flux (Figures 8b and 3) . They reflect changes in the isotopic composition of seawater, surface temperature, and surface water pH.
Controls on Atmospheric pCO 2
[39] Systematic parameter variations showed that RCO 2 values (atmospheric pCO 2 normalized to the Quaternary value of 230 matm) are mainly controlled by the spread and evolution of land plants [see also Berner, 1997] , and by the intensity of volcanic/tectonic activity and GCR. The RCO 2 trends in the standard run are rather close to those reconstructed from paleo-sols and other proxy data (Figure 9a ) [Royer et al., 2001] . The model reproduces the strong RCO 2 peak observed in Jurassic samples whereas the GEOCARB models predict much lower Jurassic values [Berner, 1991a [Berner, , 1994 Berner and Kothavala, 2001 ].
[40] When the GCR effect on temperature is completely suppressed (D COS = 0 in equation (5)), RCO 2 values change drastically and the resulting trends are similar to those observed in the GEO-CARB III model (Figure 9b ). The strong Jurassic peak is diminished whereas Cambrian, Devonian and Cretaceous RCO 2 values increase considerably. These changes are induced by the impact of GCR on temperature-dependent chemical weathering rates. During periods of low GCR (Cambrian, Devonian, Cretaceous, Triassic), surface temperatures increase due to the diminished cloudiness at low altitudes so that weathering is accelerated and RCO 2 is removed from the atmosphere. In contrast, high GCR intensity during the Ordovician, Carboniferous, and Jurassic (Figure 3) reduces surface temperature due to enhanced cloudiness so that less CO 2 is consumed in weathering processes.
[41] Rates of chemical weathering do not only depend on temperature but also on precipitation and the availability of meteoric water. It seems to be possible that reduced cloudiness during low GCR periods induces lower rates of precipitation which could than diminish weathering rates compensating for the effect of enhanced temperature. However, a number of studies show that lowaltitude cloud coverage (below $3.2 km altitude) over the modern oceans is significantly affected by GCR [Marsh and Svensmark, 2000b; Shaviv, 2002b; Yu, 2002] so that more water is evaporated and transported to the continents at low GCR intensity [Kniveton and Todd, 2001] . The more efficient water transfer might enhance precipitation on land and continental run-off and thereby chemical weathering rates during low GCR periods. However, the effects of GCR on surface temperature and the hydrological cycle are not fully understood and need to be investigated in more detail using general circulation modeling and other approaches.
[42] The new model predicts higher Jurassic RCO 2 values than the GEOCARB III model even in the absence of GCR effects (Figure 9b ). This difference is caused by higher rates of volcanic/tectonic activity reconstructed from the strontium isotope data. The marine 87 Sr/
86
Sr record reaches a minimum during the late Jurassic (Figure 1a) implying high rates of volcanic activity at the seafloor or on land whereas the eustatic sea level is not particularly elevated during this period ( Figure 5 ). Therefore the sea level-based GEOCARB models predict a modest CO 2 release from the mantle whereas the new model produces enhanced Jurassic degassing rates. The proxy record shows a rather good correlation between high pCO 2 ( Figure 9a ; Royer et al., 2001 ) and low marine 87 Sr/ 86 Sr values [Veizer et al., 1999] over the Mesozoic and Cenozoic implying that strontium isotope data can be used as a proxy for volcanic activity and CO 2 release. Paleozoic pCO 2 values are strongly affected by the rise of land plants so that Paleozoic trends in pCO 2 reflect the increasing efficiency of chemical weathering rather than changes in the volcanic CO 2 supply. The new model also predicts higher Cambrian pCO 2 values than the GEOCARB III model. This difference is caused by lower rates of physical erosion applied in the new model. In GEOCARB modeling, erosion rates are reconstructed using the marine 87 Sr/ 86 Sr record whereas the new model relies on rates of terrigenous sedimentation taken from Ronov's database (Figure 2a) . Overall, the rather good agreement between the two models (Figure 9b ) is encouraging and implies that model results are rather well constrained by d 13 C and 87 Sr/ 86 Sr isotope records and GEOCARB weathering equations applied in both models.
Controls on Surface Temperature
[43] Temperature changes caused by the aging sun, paleogeographic evolution, and GCR intensity are implemented as external forcing to the model (equation (5), Figure 10a ). During the Cambrian, solar radiation was much weaker than today so that surface temperatures would have been 7.4°C lower at a modern RCO 2 level and geographic configuration [Berner and Kothavala, 2001] . In contrast, paleogeographic change promoted a slow cooling of the Earth over the Phanerozoic [Berner and Kothavala, 2001] whereas GCR fluctuations might have inducted periodic changes between warm and cold periods [Shaviv and Veizer, 2003] . RCO 2 -induced temperature changes are not prescribed to the model but are calculated as an internal variable affected by carbon cycling processes and by externally driven temperature change (Figure 10b) . Moreover, the parameter G relating RCO 2 and surface temperature (equation (10)) is allowed to change through time (Figure 4b ) to account for the temperature and albedo effects of large continental ice shields waning and waxing over the Phanerozoic [Berner and Kothavala, 2001] .
[44] The overall temperature change resulting from the linear superposition of all internal and external effects (calculated according to equation (10)) reflects mainly the response of the carbon cycle to varying insolation and GCR fluxes (Figure 10c) . Because of the negative feedback rooted in the temperature-dependence of silicate weathering [45] In the standard run, Phanerozoic climate change is clearly affected by GCR variations. Thus temperatures tend to be low during high GCR periods (marked as gray bars in Figure 10 ) and high during low GCR periods. However, the GCR effects on temperature are strongly overprinted by RCO 2 changes. The partial pressures of CO 2 are controlled by volcanic/tectonic and biogeochemical processes acting on the carbon cycle and by radiation-induced temperature changes affecting the rates of silicate weathering. The latter process induces a dampening of radiation-controlled climate change. The overall climate evolution thus reflects both external forcing via solar and cosmic radiation and internal forcing related to the evolving carbon cycle. Figure 11a and 11b, reflect the temperature and pH changes shown in Figure 10c and [48] The periodic variations seen in the carbonate record are remarkably well reproduced in the standard run whereas the model run without GCR produces Dd 18 O trends which are not consistent with the carbonate isotope data (Figures 8 and 11) . The model was run repeatedly applying a large number of different parameter values but the marine d
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O data were only recaptured considering the effect of GCR on surface temperature. Considering that the periodicity seen in the marine d 18 O data is statistically robust and is based on thousands of measurements in well preserved brachiopods [Veizer et al., 1999] , the model strongly suggests that GCR does indeed affect global climate and carbon cycling. In contrast to previous models [Berner, 1994; Berner and Kothavala, 2001 ], the new model presented here reproduces and considers all available isotope data [Veizer et al., 1999] including the previously neglected d 18 O record.
[49] In the modern ocean, the d
18 O values of surface waters (and brachiopods) show a strong latitudinal variation which is well correlated with salinity due to evaporation and precipitation of (24)). meteoric water [Brand et al., 2003] . Thus saline water masses with high d
O values are usually found at low latitudes where net evaporation prevails. In contrast, low-salinity waters with low and negative d
O values are abundant at high latitudes due to net precipitation. The fossil brachiopods used in the reconstruction of marine d
O values dwelled mainly in low-latitude surface waters [Veizer et al., 1999] . A number of studies show that low cloud cover (below $3.2 km altitude) over the modern oceans is significantly enhanced during periods of high cosmic radiation [Marsh and Svensmark, 2000b; Shaviv, 2002b; Yu, 2002] . The correlation is especially well expressed at low and mid latitudes [Kniveton and Todd, 2001; Marsh and Svensmark, 2000b] . Moreover, the precipitation efficiency is enhanced so that moisture is more efficiently converted into precipitation under high cosmic radiation [Kniveton and Todd, 2001] . Thus it seems to be likely that the low-latitude ocean experienced less net evaporation during periods of enhanced GCR flux. This would have induced lower salinities and lower d Figure 12 ). An increase in D COS produces a strong increase in temperature during phases of low GCR flux. Presumably, the decrease in GCR reduces the cloud cover at low altitudes so that surface temperatures increase for a given pCO 2 and insolation. The temperatures predicted for cool periods are not strongly affected by the D COS variable because the Earth receives currently a high dose of cosmic radiation and GCR changes are calculated with respect to this high modern baseline value (Figure 3 ).
[51] RCO 2 varies as a consequence of GCR-driven temperature change. The Jurassic value is extremely sensitive because both GCR forcing (Figure 3 ) and volcanic/tectonic activity ( Figure 5 ) attained a maximum during this period. If the Jurassic cooling presumably induced by high GCR is enforced by a large D COS value, RCO 2 strongly increases due to the negative weathering feedback. The best fit to the proxy record (Figure 9a ) is achieved in the standard run (Figure 12b ). Trends in seawater pH mirror RCO 2 changes because the pH is lowered at high RCO 2 levels (Figure 12c ). Carbonate d
18 O values are affected by both temperature and pH. The amplitude of d 18 O change is considerably enhanced when GCR is assumed to have a strong effect on surface temperature (Figure 12d ). The standard run gives again the best fit to the proxy data (Figure 8c ). Thus the D COS value derived from modern data [Shaviv, 2002a] seems to be valid also for long-term climate change.
Reconstructing Phanerozoic Climate Change
[52] The climate evolution calculated in the standard run of the new model (Figure 13d ) compares Shaviv and Veizer [2003] . They were derived by fine tuning of the GCR periodicity within the GCR reconstruction error [Shaviv and Veizer, 2003 ]. The lower bar shows the geological periods according to the timescales of Harland et al. [1990] and Gradstein et al. [1995] . Hatched bars indicate cool periods according to Frakes et al. [1992] . The open vertical bar indicates the controversial Jurassic to early Cretaceous period where some authors postulate very warm surface conditions [Crowley and Berner, 2001] while others suspect moderate cooling [Frakes et al., 1992; Podlaha et al., 1998; Boucot and Gray, 2001] . Temperature changes (DT) are given with respect to the average Quaternary surface temperature of 13.5°C. 2003GC000683 favorably with the proxy record (Figure 13a ). The two major Phanerozoic glaciations during the late Carboniferous to early Permian and the late Cenozoic are well reproduced by the model. The late Jurassic to early Cretaceous appears as a moderately cool period as also suggested by most proxy data [Frakes et al., 1992; Podlaha et al., 1998; Boucot and Gray, 2001] . GEOCARB modeling predicts the highest temperatures of the entire Mesozoic for this period (Figure 13b ) while temperatures significantly below the present level ( Figure 13c) were derived from the d
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O record [Veizer et al., 2000; Wallmann, 2001b] . The modeling presented in this paper strongly suggests that these previous interpretations of the Jurassic to early Cretaceous temperature record are not correct because the GCR effect was not considered in the GEOCARB modeling while the pH effect on the isotopic composition of carbonates was ignored in the interpretation of the marine d
18 O record.
[53] The model was also run applying a different GCR flux evolution as forcing (Figure 13d , broken line). These GCR fluxes have been tuned within the GCR reconstruction error by Shaviv and Veizer [2003] to fit the paleo-climatic record conserved in marine sediments (red curve in their Figure 2) . The model run predicts correctly a temperature minimum for the Ordovician -Silurian glaciation while the standard run produced a temperature minimum prior to the onset of the glaciation (Figures 13a and  13d ). Thus the Paleozoic GCR record applied in the standard case might be somewhat distorted and the fine-tuned GCR evolution seems to give better results for this period. Previous reconstructions predicted either the highest (Figure 13b ) or the lowest (Figure 13c ) temperatures of the entire Phanerozoic for the Ordovician -Silurian glaciation. Both interpretations seem to be at odds with the sedimentary record ( Figure 13a ) suggesting a minor glaciation extending over only a rather short period of time (Figure 13a ). Here again, the new model-based reconstruction, considering the GCR and pH effects, seems to be more realistic and consistent with the geological record.
[54] The new model predicts high surface temperatures for the Cambrian, Devonian, Triassic, and
Cretaceous in good correspondence to the geological record [Frakes et al., 1992; Boucot and Gray, 2001] . All of these warm periods are marked by a rather low GCR intensity (Figure 3 ) while the pCO 2 values were variable at moderately high to very low levels ( Figure 9 ). Apparently the warm climate mode is not primarily caused by greenhouse gas forcing as usually assumed [Fischer, 1981] but by reduced cloud coverage induced by low GCR levels. The clear skies of these warm periods may thus be imagined as being covered mainly by optically thin high-altitude rather than thick low-altitude clouds. The two very cold periods during the late Carboniferous to early Permian and the late Cenozoic are marked by high GCR fluxes and low pCO 2 values. The major glaciations occurring during these periods are the result of carbon cycling processes causing a draw-down of atmospheric CO 2 [Berner, 1992; Wallmann, 2001a] and a coevally prevailing dense cloud cover at low-altitudes induced by strong GCR fluxes. The two moderately cool periods during the Ordovician -Silurian and Jurassicearly Cretaceous are characterized by both high pCO 2 and GCR levels so that greenhouse warming compensated for the cooling effect of low altitude clouds.
Conclusions
[55] The new model presented in this paper is able to reproduce not only the trends observed in the marine d 13 C and 87 Sr/ 86 Sr records but also the marine d
18
O data [Veizer et al., 1999] which have been ignored in previous models of Phanerozoic carbon cycling and climate change. The d
O data are reproduced by the model only when GCR is allowed to have a strong effect on surface temperature. Considering that the periodicity seen in the enormously large marine d
O database is statistically robust [Veizer et al., 1999] , the model confirms that GCR does indeed affect Phanerozoic climate change [Shaviv, 2002a] .
[56] Global carbon cycling is also affected by cosmic radiation because GCR-induced cooling reduces the CO 2 consumption via silicate weathering. The pCO 2 level increases as a response to [Shaviv and Veizer, 2003] . Considering the contrasting sensitivities of marine d
18 O with respect to RCO 2 and GCR, a different picture emerges showing that pCO 2 and GCR are the two major and equally important climate drivers.
[58] Warm periods (Cambrian, Devonian, Triassic, Cretaceous) are characterized by low GCR and variable pCO 2 levels. Thus the warm climate mode is not primarily caused by greenhouse gas forcing as usually assumed [Fischer, 1981] but by reduced cloud coverage induced by low GCR levels. The two major Phanerozoic glaciations during the late Carboniferous to early Permian and the late Cenozoic are the result of carbon cycling processes causing a draw-down of atmospheric CO 2 [Berner, 1992; Wallmann, 2001a] and a coevally prevailing dense cloud cover at low-altitudes induced by strong GCR fluxes. The two moderately cool periods during the Ordovician -Silurian and late Jurassic -early Cretaceous are characterized by both high pCO 2 and GCR levels so that greenhouse warming compensated for the cooling effect of low altitude clouds.
[59] Phanerozoic climate change seems to be driven and regulated by galactic, solar, and terrestrial processes. Cosmic radiation, produced mainly by exploding large stars (supernova events) in the spiral arms of the galaxy, probably supports cloud formation at low altitudes while solar irradiance increases continuously due to the ageing of the sun. Galactic and solar climate effects are moderated by the terrestrial carbon cycle. The periodicity and phase of climate change seem to be determined by the passage of the solar system through the spiral arms of the galaxy while the amplitude of temperature change is heavily affected by carbon cycling processes and pCO 2 variations.
[60] Holocene climate change seems to be affected by cosmic radiation, as well, because the production rate of cosmogenic isotopes ( 14 C, 10 Be) shows a very good correlation with proxy data from various climate archives [Bond et al., 2001; Neff et al., 2001; Hu et al., 2003; Niggemann et al., 2003] . It is generally believed that rapid changes in GCR indicated by cosmogenic isotope proxies are caused by changes in solar activity. Hence the observed climate effects may be due to GCR-induced cloud formation or could be caused by changes in solar irradiance which are very small in the visible range but quite substantial on shorter UV wavelengths [Foukal, 2002] . It is difficult to distinguish between these two effects because solar luminosity and GCR change coevally. However, long-term changes in GCR over the Phanerozoic are not related to changes in solar activity but are caused by the passage of the solar system through the spiral arms of our galaxy. Hence the Phanerozoic GCR-climate correlation is clearly not caused by changes in solar luminosity suggesting that Holocene climate might also be influenced by GCR rather than solar luminosity.
[61] The model presented in this paper confirms that an increase in GCR flux by 1% would induce an increase in average global surface temperature of about 0.14°C at a constant pCO 2 level. On long geological timescales pCO 2 compensates for GCR-induced climate change due to the negative weathering feedback. However, on shorter timescales the pCO 2 value is not controlled by rates of silicate weathering so that external cooling is not accompanied by an increase in pCO 2 . Thus the glacial/interglacial cycles of the late Quaternary climate are amplified rather than dampened by coeval pCO 2 changes [Petit et al., 1999] 
CaCO 3 formation during alteration of oceanic crust
CO 2 /HCO 3 turnover due to silicate weathering
CO 2 consumption due to carbonate weathering
Effect of temperature on silicate weathering
Effect of temperature on carbonate weathering f C (T) = 1 + 0.087 Á (T À T(Q)) CO 2 release due to metamorphism of continental carbonates F MC = k MC Á CC CO 2 release due to carbonate burial
Burial of pelagic carbonates 
a The exponential Boltzmann terms are introduced to force a continuous change in weathering rate law over the time period of 380 -350 Ma when land plants appeared and spread over the continents [Berner and Kothavala, 2001] . The model time t used in the exponential terms runs from À560 Ma to 0 Ma. given in Table A4 . Mass balances considered in the Box Model are given in Table A5 . 
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